The Ocean Anoxic Event 2 (OAE2) about 93.5 million years ago was marked by high atmospheric CO 2 concentration, rapid global warming and marine anoxia and euxinia. The event lasted for about 440,000 years and led to habitat loss and mass extinction. The marine anoxia is thought to be linked to enhanced biological productivity, but it is unclear what triggered the increased production and what allowed the subsequent rapid climate recovery. Here we use lithium isotope measurements from carbonates spanning the interval including OAE2 to assess the role of silicate weathering. We find the lightest values of the Li isotope ratio (δ 7 Li) during OAE2, indicating high levels of weathering-and therefore atmospheric CO 2 removal-which we attribute to an enhanced hydrological cycle. We use a geochemical model to simulate the evolution of δ 7 Li and the Ca, Sr and Os isotope tracers. Our simulations suggest a scenario in which the eruption of a large igneous province led to high atmospheric CO 2 concentrations and rapid global warming, which initiated OAE2. The simulated warming was accompanied by a roughly 200,000 year pulse of accelerated weathering of mafic silicate rocks, which removed CO 2 from the atmosphere. The weathering also delivered nutrients to the oceans that stimulated primary productivity. We suggest that this process, together with the burial of organic carbon, allowed the rapid recovery and stabilization from the greenhouse state.
O
AE2 at the Cenomanian-Turonian (C-T) boundary ∼93.5 Myr ago is thought to represent one of the warmest periods of the Phanerozoic eon 1 , with high atmospheric CO 2 levels 2 and sea surface temperatures 3 , low pole-Equator temperature gradients and a resulting mass extinction caused by deterioration of ecological space 4 . OAE2 is also characterized by widespread deposition of black shale, interpreted to result from global oceanic anoxia and/or euxinia and very high burial rates of marine organic carbon, causing a positive δ 13 C excursion 5 in the ocean-atmosphere system lasting some 430-445 kyr (ref. 6) . Anoxia/euxinia is also suggested by concentration changes in certain biomarkers, redox-sensitive metals, as well as perturbations in redox-sensitive isotope systems 1 . Given that the C-T OAE corresponds with a relative palaeotemperature maximum 3 , it is likely that it was accompanied by acceleration of the hydrological cycle and increased global weathering rates. Indeed, a possible chain of events triggering the phenomenon may have been increased atmospheric CO 2 from the emplacement of the Caribbean, Madagascar and/or parts of the Ontong-Java Plateaux 5 , which led to enhanced weathering and consequent high nutrient input to the oceans, stimulating biological productivity and accelerated carbon flux to the sea floor, thus fostering the OAE (ref. 1) . Termination of the OAE may have been forced by sequestration of CO 2 by both silicate weathering and photosynthetic fixation into sedimentary organic matter, causing final slowing of the hydrological cycle. Evidence of enhanced continental weathering has been proposed from brief radiogenic 87 Sr/ 86 Sr excursions 7 and trends towards lighter Ca isotopes 8 , before both Sr and 187 Os/ 188 Os dropped to relatively unradiogenic values throughout the OAE (ref. 9 ). However, all of these isotopic systems are subject to interpretational ambiguity, owing to potential variations in the isotope ratio of weathered lithologies in the continents and the relative proportions of both carbonates and silicates, where only weathering of the latter affects atmospheric CO 2 on geological timescales [10] [11] [12] such as ocean acidification, calcification rate and temperature can also affect Ca isotopes 13 .
Influence of weathering on aqueous Li isotope ratios
Understanding the timing and tempo of continental weathering is critical for testing the OAE model and for evaluating the role of CO 2 drawdown in climatic stabilization. We investigate this phenomenon in the context of the C-T OAE by using stratigraphic variations in δ 7 Li, a relatively new tracer for silicate weathering [14] [15] [16] [17] . Lithium is almost totally situated in silicates and silicate secondary minerals so that, even in carbonate-rich catchments, Li is entirely dominated by weathering of silicate rocks 18, 19 . The δ 7 Li of primary silicate rocks defines a narrow range (average basalt ∼2-5 ; average continental crust ∼0 ; refs 17, 20, 21) ; consequently, given the high variability of δ 7 Li in modern rivers (6-42 ; average ∼23 ; refs 16, 17) , fluvial δ 7 Li is effectively independent of silicate lithology. Lithium isotopes are also not fractionated by uptake into plants 16, 22 and the variable δ 7 Li of rivers is due to preferential uptake of 6 Li by secondary clay minerals 16 . The δ 7 Li of rivers thus reflects mixing between two end-member solutes: one formed by primary silicate mineral dissolution (with low δ 7 Li and high [Li] ) and the other related to secondary mineral formation (with high δ 7 Li and low [Li] ; refs 18,23,24) . Thus, a high riverine Li flux can be used as a tracer of high silicate weathering rates (mass of rock dissolution per unit area and time), whereas a low δ 7 Li represents high chemical weathering intensity (or degree of weathering, defined as the ratio of material supplied to the oceans by primary mineral dissolution relative to that retained by secondary mineral formation) 14 . Hence, if the weathering regime is weathering-limited (thin soils and hence incongruent weathering, with chemical reactions controlled by temperature and runoff) 25 , dissolved δ 7 Li is expected to be highly fractionated from the host rock, with relatively more Li taken up into clays 14, [26] [27] [28] , whereas if the regime is transport-limited (thick soils, with weathering rates limited by the physical supply of material, an equilibrium between soils and clays, and hence more congruent weathering 23, 25 ), δ 7 Li will be similar to rock values 14 . In modern oceans, continental weathering represents ∼50% of the Li ocean input, with the other ∼50% contained in hydrothermal solutions expelled at mid-ocean ridges (hightemperature weathering of basalts), whose δ 7 Li is ∼8 (refs 26, 27) . The main sink for Li is from incorporation into lowtemperature clays in altered basalt and marine sediments, which have a cumulative present-day isotopic fractionation factor of α ∼ 0.985, driving modern seawater δ 7 Li to a value of 31 (ref. 17) . Notably, marine carbonates represent a negligible sink for Li and the isotopic fractionation factor remains approximately constant at ∼3-5 , is independent of temperature or salinity and does not differ in inorganic and all types of skeletal calcite (see Supplementary Information).
Li isotope variations across the OAE
Here, bulk calcite samples were measured for trace metals and Li isotopes in a stratigraphically expanded Cenomanian-Turonian section through the nannofossil-rich English chalk exposed at Eastbourne, UK 29 ; at South Ferriby, UK, where a more condensed chalk section 30 is interrupted by a depositional hiatus; and a Cenomanian-Santonian rudist-bearing shallow-water limestone at Raia del Pedale, southern Italy 4 ( Fig. 1 ). Both English sections were deposited in a shallow epicontinental pelagic shelf sea, whereas the Italian section represents a carbonate platform installed on the Tethyan continental margin. All three sections have been extensively analysed for C, O, Ca and Sr isotopes 4, 8, 31 . The C-T boundary in these sections can be readily correlated with other localities, including the Global Boundary Stratotype Section and Point for the base of the Turonian stage exposed in Colorado, USA, through macro-and microfossil biostratigraphy and carbon isotope stratigraphy 32 . The three European sections show initial (pre-carbon-isotope excursion) δ 7 Li values of ∼20 , (Fig. 2 ). The δ 7 Li minimum (6-10 ) in all sections occurs within the carbon isotope excursion and, in the stratigraphically expanded Eastbourne section, δ 7 Li values recover to pre-excursion values more rapidly than do the carbon isotopes themselves. Postexcursion δ 7 Li values tend to be similar to pre-excursion values and also similar to foraminiferal carbonate values of ∼27 recorded from the Maastrichtian stage ∼23 Myr later 27 . δ 7 Li from apparently correlative parts of the sections do differ slightly (Fig. 3 ), possibly suggesting some local variation in watermass geochemistry owing to differences in ocean circulation 33 or more probably reflecting the partially incomplete nature of some the records, as is manifestly the case at South Ferriby (Fig. 2 ). All sections also exhibit contemporaneous Li/Ca increases.
Isotopic constraints on Cretaceous seawater chemistry
Processes that could cause relatively light δ 7 Li in carbonate are leaching of clays during sample processing; diagenesis, including cation exchange with isotopically light silicate clays; or a primary seawater signal, driven either by an increase in the hydrothermal flux, variations in the riverine flux or fluvial δ 7 Li, or combinations of all three. Cation exchange or leaching of clays before analysis was monitored by analysing cation/Ca ratios of the calcite samples. Various leaching experiments were carried out and comparisons were also made between δ 7 Li and lithostratigraphy (see Supplementary Information). No obvious relationship between δ 7 Li and stratigraphic variations in clay content is discernible. We can similarly discount diagenesis, because both similar trends and absolute values are repeated in sections from different palaeogeographic settings and potentially reactive pore waters from hemipelagic sediments have been shown to be isotopically heavy [34] [35] [36] . Furthermore, C, O and Sr isotopes show similar values in these different profiles and compare well to other sections across the where Sr isotope ratios correlated to samples in Eastbourne were obtained (Fig. 2) .
C-T boundary 37 . It is suggested, therefore, that the isotopic shifts in the carbonate sections must represent primary seawater signatures.
To constrain the cause of the decrease in seawater δ 7 Li, we combine Li isotopes with Sr, Os and Ca isotopes, measured either on the same samples, or in sections that can be correlated at high resolution using carbon isotope stratigraphy 8, 9, 37 . Thus Sr isotopes show a well-constrained ∼4 Myr trend to less radiogenic values, with a brief radiogenic spike reported in one section at the inception of the carbon isotope excursion 7 . Unradiogenic Os isotope ratios persist only for the duration of the OAE, with no radiogenic spike yet reported 9 . Finally, Ca isotopes (δ 44/40 Ca) show a 0.3-0.5 decrease, also for the duration of the carbon isotope excursion 8 (Fig. 2) . The combination of these tracers utilized in a series of dynamic models can thus provide constraints on the processes causing and operating within the OAE. We use the unradiogenic long-term 87 Sr/ 86 Sr trend to constrain the hydrothermal input, because Sr isotopes are the most sensitive of these systems to this flux, and δ 7 Li to understand the silicate weathering input (see Supplementary Information for model details). Thus the 87 Sr/ 86 Sr record suggests that the hydrothermal input increased by ∼20% for 4 Myr. However, this process would have driven seawater δ 7 Li lighter by only some 0.5 , which presupposes that a change in silicate weathering must also have occurred. A constant Li river flux accompanied by decreased δ 7 Li (that is, constant weathering rates but increased weathering intensity) for 200 kyr (to allow seawater δ 7 Li recovery within 430 kyr) would also only result in seawater values ∼1 lighter. Equally, if the river δ 7 Li were kept constant, then the fluvial flux would have had to increase >50× to cause the observed isotopic shift (see Supplementary Information). Although seawater Li concentrations cannot be constrained from Li/Ca because of additional controls by temperature and salinity 13, 38 , the increase during the OAE shown in all sections suggests that it is unlikely that seawater [Li] increased by more than a factor of five.
Thus, modelling the observed Li and Sr isotope excursions requires a 4 Myr 20% increase in the hydrothermal flux and a ∼200 kyr pulse of enhanced riverine Li flux coupled with very light (river δ 7 Li ∼2-4 ) fluvial isotope ratios (Fig. 4) . This combined increase in river flux and decrease in δ 7 Li most probably records increased silicate weathering rates and a shift to a transport-limited, intense weathering regime. In the expanded Eastbourne section, δ 7 Li shows at least two distinct pulses of light isotope ratio, suggesting variation in the weathering intensity. Estimates of palaeo-sea surface temperature also show irregularities, likely to be associated with p CO2 changes 3 . It is possible that these changes caused the observed Li isotope variations. Alternatively, this signal The timing is based on the assumption that the duration of the carbon isotope excursion is ∼440 kyr (ref. 6 ) and that the sedimentation rate is constant. Note that the South Ferriby section has an unconformity immediately below the start of the carbon isotope excursion, hence its stratigraphic alignment may be offset.
may be due to massive destabilization of continental secondary minerals, also causing addition of isotopically light Li, as well as other cations, to the oceans. In either case, movement to lower δ 7 Li indicates large changes in the hydrological cycle.
Additional constraints to the model can then be brought to bear, using Ca and Os isotopes. Significantly, 187 Os/ 188 Os in rivers would not be driven to very unradiogenic values by the destabilization of secondary clays 39 . Given that the hydrothermal flux is constrained by 87 Sr/ 86 Sr, the decrease in 187 Os/ 188 Os to ∼0.17 (ref. 9 ) must have been caused by weathering of unradiogenic, mantle-derived rocks such as basalts (see Supplementary Information), rather than radiogenic continental crust. Generally, the pre-OAE Cenomanian climate is thought to have been warm, with low-lying peneplained continents 40, 41 and relatively thick soils. Thus, to increase weathering rates dramatically, fresh mineral surfaces must have been provided at the C-T boundary. In fact, all four isotope systems can be modelled by combining a 4 Myr 20% increase in the hydrothermal flux, combined with a ∼200 kyr pulse of increased riverine flux from basaltic rocks, associated with a brief but intense transport-limited weathering regime (Fig. 4) , although in this case the 'transport' limitation was probably the availability of fresh mafic material, allowing rapid, congruent chemical weathering. The degree of increase in river flux of each element has been estimated from their relative proportions in modern rivers draining basaltic igneous provinces such as Iceland and the Azores, and is also dependent on estimates of ocean residence time. Given likely reduced pre-OAE riverine fluxes, higher spreading rates of mid-ocean ridges (that is, more basalt available for low-temperature alteration) and different calcite precipitation rates, lower residence times relative to the present day are probable for some elements and have been proposed for Sr (ref. 7) . Such marine chemistry would also explain the observed relatively fast response times of the isotopic systems (Fig. 4) and also allows smaller changes in the riverine fluxes during the OAE.
Implications of enhanced weathering during OAE2
Thus the model suggests that explaining the Li isotope data requires the riverine flux to increase approximately two to four times during the OAE in the presence of a lower oceanic Li residence time relative to the present day. Given the demonstrated response of lighter dissolved δ 7 Li with increasing modern basaltic weathering rates 14, 24, 42 , the eruption of subaerial basalts just before the onset of OAE2 is the most logical choice to explain the isotopic variations. Evidence from coupled C and Pb isotopes has been taken to suggest that there was massive subaerial volcanism during OAE2 linked to the Caribbean or Madagascar large igneous provinces, releasing significant amounts of basalt as well as volcanic ash onto the continents 43 , where the weathering of both will initially release light Li (refs 14,28,44) . Equally, large igneous province formation would have exposed fresh basalt to weathering by sea water, hence it is possible that both shallow marine and subaerial weathering of basalt contributed to the isotopic signals 43 . Modern rivers draining both basaltic and continental crust lithologies show trends of increasing Li concentration with silicate weathering rate 19, 42 . If the weatheringrate-weighted average of the river concentrations is calculated, then basaltic catchments are ∼50% lower than those on continental crust, suggesting that to create a two-to fourfold increase in a basaltderived Li flux, total silicate weathering rates from submarine and subaerial basalts must have increased approximately one to three times. This estimate is similar to rate increases inferred from modelled increases in nutrient fluxes 45 . Freshly erupted basalts tend to be prone to high weathering rates due to availability of volcanic glass 24 and because secondary minerals have not yet precipitated to any great degree 46 . Indeed, the degradation of modern basalts has been shown to have a disproportionately high effect on both subaerial and marine chemical weathering and particle supply to the oceans 47 , processes that will sequester atmospheric CO 2 (refs 14,16,47) .
The stratigraphically expanded Eastbourne section suggests that mafic silicate weathering started to increase ∼30 kyr before the onset of OAE2, based on its estimated duration of 445 kyr (ref. 6 ). This interval is of similar duration to the ∼23 kyr proposed between the onset of relatively unradiogenic values of 187 Os/ 188 Os and the OAE itself 9 . Thus the data and models combined suggest that massive subaerial and shallow-marine volcanism increased the p CO2 concentration of the atmosphere, triggering global warming and causing an intensification of the hydrological cycle, in turn promoting an increase in basaltic weathering rate and weathering intensity in both subaerial and marine realms, with the overall system becoming more transport-limited. The direction of δ 7 Li fractionation is the same as that reported at the CretaceousPalaeocene boundary, when weathering is also proposed to have become more transport-limited and the riverine flux increased 27 . However, the magnitude of the isotopic shift observed at the C-T OAE is ∼2.5 times greater and has less than half the duration. The modelled increase in riverine Li flux necessitates the dissolution by weathering of ∼0.6-2 × 10 6 km 3 of basalt 14, 24, 28 , which represents ∼10-40% of individual large igneous provinces thought to be erupting at that time (Caribbean, Madagascar or Ontong Java Phase 2) 43, 48 . The congruent nature of the weathering during the OAE and the tracer for silicate weathering given by the Li system allows calculation of the amount of CO 2 that would have been sequestered 49 . Hence, during dissolution of this amount of basalt, ∼4-8 × 10 4 Gt CO 2 was probably consumed, which is of a similar magnitude, albeit slightly lower, than the 7-12 × 10 4 Gt CO 2 calculated to have been released during initial Cenomanian-Turonian volcanism 43, 50 . The latter calculation was based on C isotopes, hence may be a minimum estimate, given that the δ 13 C value of the ocean-atmosphere system will have been affected by competing volcanism and carbon burial. However, here we suggest that in excess of a third of the emitted CO 2 was effectively balanced by silicate weathering by the end of the oceanic anoxic event, given that a significant amount of carbon was demonstrably sequestered within OAE black shales. Approximately 200-300 kyr after the start of volcanism, basaltic silicate weathering reached its peak and subsequently began to decline, leading to a more weathering-limited regime (increased δ 7 Li, similar to the long-term Eocene to present δ 7 Li trend 27 ), reaching pre-eruption levels ∼100 kyr (Eastbourne) to ∼300 kyr (Raia del Pedale) later (Fig. 3) and allowing the oceans to begin a gradual recovery to more oxic conditions. Hence, these data also suggest that the hydrological cycle and chemical weathering can reach a peak, consume a significant amount of CO 2 and decline within ∼300 kyr.
